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Abstract
Backstripped eustatic estimates from New Jersey and the Russian platform show large (N25 m) and rapid (b1 my) sea-level
changes in the Late Cretaceous to early Eocene (99–49 Ma). The largest of these sea-level events occurred at the Campanian/
Maastrichtian boundary (71.5 Ma); we infer that ice growth and attendant sea-level lowering at 71.5 Ma were as great as many
Oligocene and younger events (~ 40 m sea-level change). Glacioeustasy is the only known mechanism that can account for Late
Cretaceous to early Eocene rapid changes because other hypothesized mechanisms (steric effects, water storage in lakes, deepwater changes, groundwater, or sea ice) are too slow or too small. In contrast to this evidence for glacioeustasy, ample
geological evidence points to warm high-latitude temperatures at this time. The late Cenomanian–early Turonian d 18O record
highlights the enigma. This was the warmest interval of the past 200 my, yet it was bracketed by two inferred eustatic falls of
~ 25 m that were associated with two large (N 0.75x) deep-sea d 18O increases (92–93 Ma, mid-Turonian and 96 Ma, midCenomanian). We reconcile records of warm high latitudes with glacioeustasy by proposing that Late Cretaceous–early Eocene
ice sheets generally reached maximum volumes of 8–12  106 km3 (20–30 m glacioeustatic equivalent), but did not reach the
Antarctic coast; hence, coastal Antarctica (hence deep water) remained relatively warm even though there were significant
changes in sea level as the result of glaciation. Unlike the Oligocene and younger icehouse world, these ice sheets only existed
during short intervals of peak Milankovitch insolation, leaving Antarctica ice-free during much of the greenhouse Late
Cretaceous to middle Eocene. These results highlight the need to re-evaluate the paradigm that polar ice sheets did not exist
during times of warm high-latitude climates.
D 2005 Elsevier B.V. All rights reserved.
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Various datasets indicate that high latitudes were
significantly warmer than at present for much of the
Phanerozoic (e.g., Royer et al., 2004). Modelers can
explain such warm (N 10–15 8C) high latitudes only
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by invoking high CO2 levels (N2–4 times present
levels; e.g., Royer et al., 2004). Such warm intervals
have been termed the greenhouse world (e.g., Fisher,
1984) and they have been presumed to be ice-free.
Large ice sheets of the modern Earth (middle to late
Cenozoic) have been termed the icehouse world
(Fisher, 1984), with previous bicehousesQ occurring
in the Pennsylvanian–early Permian, Late Ordovician,
and Proterozoic.
Despite intense efforts by paleoceanographers, the
timing of inception of large ice sheets in both
hemispheres remains a poorly understood and constrained problem. The history of Northern Hemisphere Ice Sheets (NHIS), a.k.a. the bIce AgesQ,
provides a useful example applicable to the understanding of the inception of Antarctic glaciation.
Paleoceanographers cite the inception of NHIS as
occurring at ca. 2.6 Ma (late Pliocene; Shackleton et
al., 1984). However, this binceptionQ really represents
a major growth in amplitude of NHIS. Significant (at
least Greenland-sized) NHIS extend back to at least
the middle Miocene (ca. 14 Ma; see summary in
Wright and Miller, 1996).
The timing of initial glaciation in Antarctica has
been even more debatable. Pioneering studies of
Shackleton and Kennett (1975) and Savin et al.
(1975) assumed that a continent-sized ice sheet first
appeared in Antarctica in the middle Miocene (ca. 15
Ma). Matthews and Poore (1980) and Miller and
Fairbanks (1983) questioned this assumption and
suggested large ice sheets existed in Antarctica since
at least the earliest Oligocene (33 Ma), and subsequent isotopic and glaciological data firmly support
this interpretation (Miller et al., 1991; Zachos et al.,
1992; see below). Ice-volume changes can be firmly
linked to global sea-level changes in the Oligocene

and younger icehouse (Miller et al., 1998). Today,
most paleoceanographers cite ca. 33 Ma as the
inception of modern Antarctic glaciation, though this
supposition is now being challenged (Stoll and
Schrag, 1996; Miller et al., 1999, 2003).
The pre-Oligocene greenhouse presents a different
world from the icehouse. Isotopic, floral, and faunal
evidence indicates that high latitudes were warm
during the Late Cretaceous to early Eocene (e.g.,
Shackleton and Kennett, 1975; Savin et al., 1975;
Savin, 1977; Shackleton and Boersma, 1981; Miller et
al., 1987; Zachos et al., 1996). Benthic foraminiferal
d 18O values indicate that deep-water (and by inference high-latitude surface-water) temperatures were
warm (6 to 16 8C; Fig. 1); such warm high-latitude
temperatures have been assumed to indicate warm
poles, though d 18O values are equivocal as to the
presence of ice sheets in the interior of Antarctica.
Oxygen isotopic values place few other constraints on
the presence of ice sheets in the greenhouse. A 15–30
m equivalent ice-volume signal would yield a b0.3x
d 18O change (see below for discussion) that could be
easily masked by normal temperature variations.
There are three major means of evaluating ice
sheets: directly from sedimentological evidence,
indirectly from d 18O values, or inferentially from
reconstruction of sea level (e.g., Barrett, 1999). We
focus in this paper on estimates derived from d 18O
values and sea-level studies, though it is important to
evaluate constraints placed by sedimentological
evidence that includes tills, diamictons, and ice
rafted detritus (IRD). Diamictons are often difficult
to date and poorly preserved; in addition, the preOligocene record of the main Antarctic continent is
poorly exposed and sampled. Because IRD is found
in pelagic sediments that are easy to date using

Fig. 1. Stable isotopic synthesis for the past 100 million years and maps showing maximum sizes of ice sheets during peak glaciation for
several intervals. Cenozoic isotopic synthesis is modified using the data compiled by Miller et al. (1987) showing data points and Gaussian
fit. The data were recalibrated to the Cande and Kent (1992) time scale using the look-up table of Wei (1994). The smoothed curve was
created using methodologies identical to Miller et al. (1987); data were interpolated to constant 0.1 my interval and smoothed with a 21-point
Gaussian convolution filter using Igork for a Macintosh. Late Cretaceous synthesis is after Miller et al. (2003, 2004) and is based on data
from deep-sea oxygen benthic foraminiferal d 18O records (Site 463, Barrera and Savin, 1999; Site 690, Barrera and Savin, 1999; Site 511,
Huber et al., 1995; Sites 1049 and 1050, Huber et al., 2002). Maps are after DeConto and Pollard (2003) and show the amount of equivalent
sea-level change proscribed for a given state (e.g., 25 m) and are calibrated to the d 18O synthesis (correlation lines) using sea-level data
shown in Fig. 4. Thick vertical lines are the 50 m and 0 m sea-level equivalent based on early Oligocene and early Turonian ice volumes,
respectively; thin vertical lines are 10 m increments assuming linear response between these states. Though probably an oversimplification,
this assumption is consistent with maximum ice volume for each state shown on the right (e.g., 40 m lowering at 71.5 Ma is consistent with
the scaling indicated by d 18O values).
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biostratigraphy, it often provides the strongest
evidence for the presence of large ice sheets calving
into the ocean. For example, the finding of 33 Ma
IRD at 588S by Ocean Drilling Program Leg 120
(Zachos et al., 1992) finally convinced much of the
paleoceanographic community of the presence of
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large Oligocene ice sheets in Antarctica (summaries
in Miller et al., 1991; Zachos et al., 1994). Nevertheless, IRD has proven to be an elusive marker and
its absence in the stratigraphic record cannot be
readily taken as an indicator of ice-free conditions on
the Antarctic continental margin, let alone the
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continental interiors. For example, despite numerous
expeditions to the Antarctic region by the Deep Sea
Drilling Project (DSDP) in the 1970s, little pre-late
Miocene IRD was found (see summary in Tucholke
et al., 1976). Lower to middle Eocene IRD has been
reported near Antarctica, but the importance of this
has been largely ignored (see summary in Wise et
al., 1991). We conclude that diamictons and welldated IRD provide evidence for the presence of ice
sheets (though not necessarily variations in ice-sheet
size; see review of Barrett, 1999). In contrast, their
absence does not indicate an ice-free continent,
especially considering the poorly sampled stratigraphic record near Antarctica.
In this paper, we briefly review evidence for large,
rapid sea-level changes that suggest glacioeustatic
variations in the greenhouse world. We reconcile this
apparent enigma by: 1) re-evaluating stable isotopic
results; 2) comparing stable isotopes with modeling
results that illustrate the geographic coverage of
Antarctica under different thermal states and sea-level
positions; and 3) providing a new vision of the scale
and tempo of ice-volume changes in a greenhouse
world. We conclude that in Late Cretaceous–early
Eocene world, ice sheets were restricted in area in
Antarctica, ephemeral, and paced by Milankovitch
forcing.

2. The sea-level record
Sea-level studies of continental margins have long
challenged our view of an ice-free planet. Pioneering
work by Exxon Production Research Company (EPR)
reported extremely large (up to 400 m) and rapid (b1
my) sea-level changes throughout the Phanerozoic
(Vail et al., 1977). The only known mechanism for
causing sea-level changes in excess of 10 m in less
than 1 my is glacioeustasy (Pitman and Golovchenko,
1983). EPR reduced its eustatic estimates to less than
160 m, but still showed up to 110 major eustatic
lowerings during the past 250 my (Haq et al., 1987),
most of which could only be explained by glacioeustasy. Other researchers have viewed these estimates
either as gospel or with a jaundiced eye (e.g., Miall,
1991). The most fundamental criticism is that the EPR
sea-level estimates are not reproducible because they
were based on proprietary data. Academic studies of

outcrops and boreholes (e.g., Hancock, 1993; Sahagian et al., 1996; Miller et al., 1996, 1998) appear to
corroborate greenhouse sea-level changes proposed
by EPR. However, the amplitudes of eustatic change
published by EPR appear to be much to high and
independent studies are needed to determine the
timing and scale of greenhouse sea-level changes.
The geological record contains a rich history of
transgressions (landward movement of the strand line)
and regressions, but a global sea-level record can only
be obtained by accounting for the effects of subsidence/uplift, sediment loading, and other effects on
the stratigraphic record. The effects of subsidence and
sediment supply can be evaluated through a method of
one-dimensional inverse models termed backstripping
(e.g., Watts and Steckler, 1979). Backstripping first
removes the effect of compaction and sediment
loading from observed basin subsidence. By assuming
thermal subsidence on a passive margin, a portion of
tectonic subsidence can be removed. The difference
between observed subsidence and a best-fit theoretical
thermal curve (termed R2 for second reduction; Bond
and Kominz, 1984) is the result of either eustatic
change or any subsidence unrelated to two-dimensional passive margin subsidence (Kominz et al.,
1998).
Previous outcrop studies have suggested rapid sealevel changes in the Late Cretaceous, though there
have been very few backstripped records. Studies of
western European Upper Cretaceous sections (Hancock, 1993) have documented fairly rapid transgressions and regressions, though the influence of
tectonic and sedimentation changes have not been
taken into account in these records. U.S. Western
Interior Upper Cretaceous sections are generally
overprinted by compressional tectonics, through it
may possible to extract a sea-level estimate through
backstripping in the future. The most complete Upper
Cretaceous backstripping analyses come from studies
of the Russian platform (Sahagian et al., 1996) and
New Jersey records shown here (Miller et al., 2002,
2003; Kominz et al., 2003; Van Sickel et al., 2004).
The Russian platform backstripped records demonstrate that Late Cretaceous sea-level changes were on
the order of tens of m and occurred within b 1 my.
However, their temporal resolution is relatively coarse
and additional studies are needed to compare with
their records.

K.G. Miller et al. / Marine Geology 217 (2005) 215–231

219

compaction, loading, and thermal subsidence (e.g.,
Steckler and Watts, 1978). Application of backstripping to the New Jersey records (Kominz et al., 1998,
2002) indicates that large (15–80 m) and rapid sealevel changes occurred during the icehouse world of
the Oligocene–Miocene; these sea-level falls have
been directly linked to d 18O increases providing
prima facie proof of a causal link (Miller et al.,
1996, 1998).
Recent onshore drilling in the New Jersey coastal
plain (ODP Legs 150X and 174AX; Fig. 1) has
yielded a record of relative sea-level fluctuations for

The Ocean Drilling Program (ODP) began to
assemble icehouse records of sea-level change as part
of a global campaign to understand eustatic variation.
Oligocene–Miocene strata on the New Jersey margin
(Fig. 2) were targeted for the initial efforts for offshore
(Legs 150 and 174A; Mountain et al., 1994; Austin et
al., 1998) and onshore drilling (Legs 150X and
174AX; Fig. 1) because of the margin’s simple
passive margin tectonics (Kominz et al., 1998) and
abundant data available for planning coreholes. Backstripping of these relative sea-level changes provides a
eustatic estimate by accounting for the effects of
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the greenhouse world of 100–49 Ma (Browning et al.,
1996, 1997; Miller et al., 2003, 2004). Browning et al.
(1996, 1997) presented Eocene results from drilling at
Island Beach, Allaire, Clayton, ACGS#4, and Atlantic
City boreholes (Figs. 2 and 3). Studies of Ancora and
Bass River (Fig. 2) have provided a firm and testable
chronology for Late Cretaceous sequences (Fig. 4).
By integrating Sr-isotopic and biostratigraphic studies,
Miller et al. (2003, 2004) dated 14 Upper Cretaceous
sequences with an age resolution of F 0.5 my (Fig. 5).
They showed (Miller et al., 2004) that the timing of
Late Cretaceous sequence boundaries in New Jersey is
similar to sea-level lowerings of EPR and the Russian
Platform (Fig. 4). By dating Late Cretaceous sequence
boundaries, Miller et al. (2003, 2004) provided a
chronology of inferred eustatic falls (i.e., assuming
minimal tectonic effects on this passive margin).
Alabama

Kominz et al. (2003) and Van Sickel et al. (2004)
provided backstripped eustatic estimates for the Late
Cretaceous and younger strata at Ancora and Bass
River. They used one-dimensional backstripping to
remove the effects of compaction and sediment
loading from observed basin subsidence (e.g., Watts
and Steckler, 1979). Backstripping studies show that
simple thermal subsidence, sediment loading, and
compaction are the dominant causes of subsidence in
the New Jersey coastal plain (Kominz et al., 1998;
Van Sickel et al., 2004). Accommodation space in
the New Jersey coastal plain is dominated by the
flexural response to sediment loading of the stretched
crust seaward of the basement hinge zone and
subsidence is exponential in form (Steckler, 1981).
Kominz et al. (1998, 2002) and Van Sickle et al.
(2004) obtained a eustatic estimate (R2 or second
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reduction; Bond and Kominz, 1984) by subtracting a
best-fit thermal subsidence history from basin subsidence. Both Ancora and Bass River R2 curves are
very similar, indicating that effects of thermal
subsidence, loading, and water-depth variations have
been successfully removed. The rates of these sealevel changes are 15–40 m/my. Miller et al. (2004)

noted that backstripping, seismicity, seismic stratigraphic data, and distribution patterns of sediments
all indicate minimal tectonic effects on the Late
Cretaceous to Tertiary New Jersey coastal plain.
Having eliminated tectonics as a source of these
events, the only mechanism than can explain such
rapid rates is glacioeustasy.
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The timing and amplitude of New Jersey sealevel record is very similar to the Russian platform
backstripped record (Fig. 4; Sahagian et al., 1996),
strengthening our interpretation of the New Jersey
curve as a eustatic record. Six early Late Cretaceous eustatic changes from the Russian platform
(Sahagian et al., 1996) are similar to New Jersey;
two events are not discernable in the Russian
platform record which also does not extend
younger than 83 Ma. Fourteen of 16 eustatic
lowerings reported by EPR (Haq et al., 1987)
show correlative events (within F 0.5 my) in New
Jersey (Fig. 4), although the EPR amplitudes of
change are much higher. Five to six later Late
Cretaceous sequences in Northwest Europe (Hancock, 1993) appear to correlate with sequences in
New Jersey, though limited age control, time scale
problems, and the lack of backstripping in the NW
Europe data precludes closer comparison. The correspondence amongst these records indicates a eustatic
control on Late Cretaceous sequence boundaries; the
two backstripped estimates (NJ and the Russian
Platform) requires rates far in excess of 10 m/my.
High rates of sea-level change (N 10 m/my) can
only be explained by the growth and decay of
continental ice sheets. The alternative to invoking
Late Cretaceous ice sheets is that global sea-level
changes were paced by as yet undefined mechanisms, because none of the other hypothesized

mechanisms (steric effects, storage in lakes, deepwater changes, groundwater, or sea ice) can explain
the observed 15–40 m changes in b1 my (Miller et
al., 2004). Temperature change can explain rapid
sea-level changes, but the effect is small (i.e., a 10
8C global warming would only cause a 10 m sealevel rise; Pitman and Golovchenko, 1983). Lakes
can only explain at most 5 m of sea-level change
(Sahagian et al., 1996). Opening and closing of
Mediterranean basins could explain ~ 10+ m virtually
instantaneously, but it is impossible to explain the
number of Late Cretaceous to early Eocene sea-level
events with this mechanism. Only ice-volume
changes can explain the large (tens of meters) sealevel changes of the Cretaceous to early Eocene.
These changes are robust and cannot be attributed to
uncertainties in backstripping. The major uncertainty
in backstripping derives from paleowater depth
estimates which indicate typically 40–60 m in water
depth changes (see Miller et al., 2004 for full
documentation); even if paleodepths are in error by
a factor of two, this still requires J 10 m of eustatic
change in less than 1 my.
Sea-level studies thus pose a fundamental enigma
because they predict glacioeustatic changes during
intervals when the world was presumed to be ice-free.
Matthews and colleagues (Matthews and Poore, 1980;
Matthews, 1984; Prentice and Matthews, 1988;
Matthews and Frohlich, 2002) recognized this enigma
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and continually challenged the paleoceanographic and
paleoclimatology communities to rethink their
hypotheses.

3. Benthic foraminiferal d 18O records
Oxygen isotopic composition of marine carbonates
provides a proxy to infer ice-volume changes. The
d 18O values of marine carbonates is an imperfect icevolume proxy because it reflects temperature changes,
global ice volume, and local evaporation/precipitation
effects. Shackleton and Kennett (1975) and Savin et al.
(1975) first reasoned that deep-sea benthic foraminiferal d 18O records (e.g., Fig. 1) should reflect highlatitude temperature and ice-volume variations because
modern deep and bottom waters (N 2000 m) form in
high latitudes, though influenced by low-latitude, high
salinity water masses (e.g., Mediterranean Outflow
Water and the North Atlantic Current; Worthington,
1970; Reid, 1979). Their conjecture was supported by
the Cenozoic parallelism between benthic and high
latitude planktonic foraminiferal d 18O records and by
the fact that the highest d 18O values are in the deep sea
and high-latitude surface waters. There has been
considerable discussion given to the notion that warm,
salty deep waters (WSDW) formed in low latitudes
may have played a more important role during past
warm climates such as the Late Cretaceous–Eocene
(e.g., Chamberlain, 1906; Brass et al., 1982). However,
evidence for such WSDW is surprisingly lacking. In
fact, seismic stratigraphy (Mountain and Miller, 1992),
carbon isotopic reconstructions (Pak and Miller, 1992),
and the distribution of hiatuses (Kennett, 1977; Wright
and Miller, 1993) all indicate that the Southern Ocean
was the predominant deep-water source during the
early Paleogene greenhouse world and that WSDW
played a minor role.1 Though data on Cretaceous
oceans are more limited, carbon isotopic reconstructions and comparison of Southern Ocean surface d 18O
values with deep-sea benthic foraminiferal d 18O
values indicate that southern latitudes were also the
1

Thomas (2004) presented Nd evidence for a North Pacific deepwater source in the Paleogene, but this evidence is contradicted by
the fact that Pacific deep-water has the lowest d 13C values of any
ocean basin and thus was probably furthest from the source (Pak
and Miller, 1992).
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main source for later Cretaceous deep waters (Barrera
and Savin, 1999).
Benthic foraminiferal d 18O values can be used to
indicate the presence of large ice sheets for the
Oligocene–Recent (see below; Miller and Fairbanks,
1983; Miller et al., 1987, 1991), although the precise
contribution of ice-volume versus temperature changes
to d 18O variations is still not known within 50% (Miller
et al., 1987). Benthic foraminiferal d 18O values reflect
the very large deep-sea reservoir and are not influenced
by local changes in d 18O values that potentially
overprint planktonic d 18O records (see discussion in
Miller et al., 1991). Miller and Fairbanks (1983) and
Miller et al. (1987) noted that high deep-water d 18O
values (N1.8x in Cibicidoides) are incompatible with
an ice-free world. The derivation of the b1.8x lineQ
(equivalent to the 50 m line in Fig. 1) is straightforward.
Modern Atlantic Cibicidoides values are ~ 2.7–2.8x
(offset from equilibrium by 0.64x; Shackleton and
Hall, 1984) with ambient temperatures of ~ 2 8C; if the
modern ice sheets were melted, mean ocean d 18O
values would be ~ 0.9x lower (Shackleton and
Kennett, 1975). Thus, d 18O values N1.8x in Cibicidoides require either deep-water temperatures colder
than today’s or the presence of large ice sheets.
Cibicidoides d 18O values regularly exceeded 1.8x
beginning in the earliest Oligocene (Fig. 1), indicating
an icehouse world (Miller et al., 1991). These isotopic
arguments were validated by glaciomarine evidence
(Miller et al., 1991; Zachos et al., 1992) that proved that
large ice sheets have typified much of the Oligocene
and younger icehouse. In the icehouse world, icevolume, sea-level, and d 18O variations occurred in lock
step (Miller et al., 1996).
In the greenhouse world, low benthic foraminiferal
d 18O values indicate very warm deep warm deep-water
temperatures and relatively small ice volumes. For
example, minimum benthic foraminiferal d 18O values
of 1.0x and 1.3x occurred in the early Eocene
and late Cenomanian respectively, corresponding to
bottom-water temperatures of 14 and 15.5 8C.2 If ice
sheets were present at these times, even warmer deep2

Temperatures were computed assuming an ice-free world,
d w = 1.2x PDB; Shackleton and Kennett (1975), with Nuttallides values of 0.76x relative to equilibrium (Pak and Miller,
1992), and the paleotemperature equation in Barrera and Savin
(1999).
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water temperatures are required. We assume that the
world was ice-free when benthic foraminiferal d 18O
values were extremely low (approximately 0.6x,
13 8C;= the 0 ice volume line in Fig. 1); otherwise
benthic foraminiferal d 18O values place few constraints on the presence of ice sheets.
Warmth does not mean stable or uniform conditions
as indicated by large (N1x) benthic foraminiferal d 18O
variations during the Late Cretaceous to early Eocene
greenhouse world (Figs. 1, 3–5), with some remarkably
high d 18O values (exceeding 1.0x, Fig. 1). Oxygen
isotopic values less than 1.8x in Cibicidoides do not
require the presence of large sheets, though the highest
d 18O values are strongly suggestive of ice sheets during
the coolest period (~ 7 8C deep waters) of the Late
Cretaceous, the earliest Maastrichtian. Still, the low
d 18O values for most of the Late Cretaceous to early
Eocene requires deep-water temperatures greater than
8 8C. Such warm temperatures in deep-water source
regions indicate that Antarctic ice sheets, if present,
remained well inland, having little to no influence on
coastal regions. Nevertheless, there appears to be a link
between d 18O increases and sequence boundaries
during the greenhouse Late Cretaceous–Eocene, just
as there is in the icehouse of the Oligocene–Recent.
Eocene d 18O records are coarsely sampled (Fig. 3),
though it is clear that fairly large (N0.5x) d 18O
increases occurred as three steps in the early middle
Eocene (Chron C21r starting at 49 Ma, C21n starting
at 48 Ma, and Chron C20 starting at 46.2 Ma) and two
in the late middle Eocene (42.6 and 40.2 Ma). All five
of these increases correlate with hiatuses/sequence
boundaries on the New Jersey coastal plain (Fig. 3),
suggesting that sea-level lowerings were caused by
glacioeustasy (Browning et al., 1996, 1997). The early
Eocene d 18O record is less clear. Several increases in

planktonic d 18O records from Site 865 (Fig. 3) appear
to correlate with New Jersey sequence boundaries
(Fig. 3). The benthic foraminiferal record is too
coarsely sampled and/or the changes apparently too
small to be detected (Fig. 3). Herein lies a fundamental problem with trying to detect glacioeustatic
changes in a greenhouse world: a small (15 m) to
moderate (25 m) ice sheet would only affect global
d 18O values by 0.15–0.25x (Table 1; see below for
discussion) unless the d 18O signal was amplified by
attendant cooling.
Isotopic studies of the Late Cretaceous are still in
their infancy because there are few suitable Upper
Cretaceous sections due to problems in recovery and
diagenesis of deeply buried sections (i.e., isotopic
studies of sections with N 400 m burial are suspect;
Miller et al., 1987). Recent studies provided the first
moderately detailed sections that adequately sampled
the Cenomanian to lower Turonian (Site 1050, 100–
91 Ma; Huber et al., 2002) and the upper Campanian–
Maastrichtian (Site 690 and 463; 74–65 Ma; Barrera
and Savin, 1999) (Figs. 1, 4, 5). However, much of the
late Turonian to late Campanian (91–74 Ma) is still
poorly sampled and few meaningful comparisons can
be made for this part of the Late Cretaceous.
The Campanian/Maastrichtian boundary is remarkable in the context of isotopic records of the last 100
my (Fig. 1). Benthic and planktonic foraminiferal
d 18O values record increases of 1x and 0.6x,
respectively, across this boundary, and benthic foraminiferal d 18O values exceed 1.0x in the Maastrichtian (Barrera and Savin, 1999). Such high values were
not reached again until the Oligocene and require
deep-water temperatures less than 6 8C (assuming an
ice-free world) to 8 8C (assuming an ice sheet ~ 40%
of modern). Miller et al. (1999, 2003, 2004) noted that

Table 1
Calibration
d 18Oseawaterx/10 m
Mean ice

0.0110
44x

0.0100
40x

0.0080
32x

0.0075
30x

0.0055
22x

Sea level

d 18Oseawater

d 18Oseawater

d 18Oseawater

d 18Oseawater

d 18Oseawater

15
20
25
30
35

0.17x
0.22
0.28
0.33
0.39

0.15
0.20
0.25
0.30
0.35

0.12
0.16
0.20
0.24
0.28

0.11
0.15
0.19
0.23
0.26

0.08
0.11
0.14
0.17
0.19

m
m
m
m
m
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the Campanian/Maastrichtian d 18O increase correlated
with the most dramatic of the Late Cretaceous
sequence boundaries in New Jersey (=basal Navesink
sequence) and was most likely associated with growth
of a fairly large ice sheet.
Mid-Cenomanian and mid-Turonian d 18O increases
are intriguing because they bracket the warmest
interval of the past 200 my, the late Cenomanian to
early Turonian. A 1x mid-Cenomanian benthic
foraminiferal d 18O increase is well defined at Site
1050 (Fig. 5) and correlates remarkably well with a
major sequence boundary in New Jersey separating
Bass River from Potomac sequences (Fig. 5). The midTuronian d 18O increase is less well defined due to a
coring gap at Site 1050, though it is in excess of 0.75x
(Fig. 5). It also appears to correlate with a major
sequence boundary/hiatus in New Jersey separating the
Bass River and Magothy sequences (Fig. 5). The ~ 1x
d 18O increases at 92–93 and 96 Ma cannot be entirely
attributed to ice-volume changes because this would
require ice sheets larger than those of modern times,
and in fact much of the d 18O signal must be attributed
to deep-sea (hence inferred high latitude) temperature
change. The challenge is to put constraints on how
much of the signal is due to temperature.
Comparison of global sea-level estimates from
New Jersey with d 18O records allows us to estimate
partitioning between ice volume and temperature in
foraminiferal records, albeit tempered by the relatively
coarse sampling resolution of Late Cretaceous d 18O
records. In the greenhouse world, warm deep-water
temperatures and relatively small ice volumes preclude any unequivocal statement about ice volume
based solely on the d 18O values. However, assumptions about thermal history can be made and an icevolume estimate can be obtained from d 18O, and these
estimates can be tested against sea-level/ice volume
estimates provided by continental margin records. For
the Campanian/Maastrichtian sequence boundary in
New Jersey, Miller et al. (1999, 2004) inferred a
eustatic lowering of ~ 40 m.3 For the mid-Turonian
3

Lowstands were generally not sampled and thus amplitude
estimates are minima. For example, the ca. 71.5 Ma lowering was
estimated as 40 m based on: 1) a ~20 m eustatic drop occurred
during deposition of the previous sequence from ca. 74 to 71 Ma at
both Ancora and Bass River; 2) an unknown amount of lowering
occurred during the hiatus ca. 71–69 Ma hiatus; and 3) sea-level
rose by N20 m by the time deposition resumed.
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(ca. 92 Ma) lowering, Miller et al. (2004) estimated
25–30 m of lowering (Fig. 5), whereas Sahagian et
al. (1996) estimated ~ 45 m for this event in the
Russian platform. The mid-Cenomanian event has a
minimal eustatic lowering of ~ 25–30 m at Ancora
(Fig. 5; Miller et al., 2004) and 25 m in Sahagian et
al. (1996).
Calibration of sea level to d 18O variations
introduces another source of uncertainty because
the late Pleistocene d 18O-sea level calibration of
0.11x/10 m (Fairbanks and Matthews, 1978) is
probably not appropriate for a warmer planet with
less Raleigh fractionation. While the average isotopic composition of past ice sheets is unknown,
ice sheets during greenhouse intervals must have
had higher d 18O values than the late Pleistocene ice
sheets. Miller et al. (1987) noted that permanent ice
sheets today are less than
20x, suggesting a
minimum limit of approximately 0.055x/10 m.
Pekar et al. (2002) obtained an Oligocene calibration of 0.1x/10 m, similar to the calibration
assumed by DeConto and Pollard (2003). Greenhouse ice sheets would have had higher d 18O
values. Ice sheets with higher mean d 18O values
have less influence on the mean ocean d 18O value
per unit sea level change than their counterparts
with much lower d 18O values (Table 1). We derive
relationships between the glacioeustatic d 18O and
sea-level changes by dividing the possible mean
isotopic composition of ice sheets by the mean
depth of the ocean (Table 1) and tabulate global
changes in seawater d 18O values for several different glacioeustatic lowerings (Table 1).
For the Late Cretaceous, if we assume mean ice
sheet d 18O values were approximately 30x, then
a calibration of 0.075x/10 m yields a maximum
mean ocean d 18O value of ~ 0.3x for the 40 m
Campanian/Maastrichtian glacioeustatic lowering
(Table 1). The Campanian/Maastrichtian d 18 O
increases would then correspond to a deep-water
cooling of 3 8C and a tropical surface-water cooling
of ~ 1 8C. Similarly, the ~ 1x mid-Cenomanian
d 18O increase is associated with a minimal eustatic
lowering of ~ 25–30 m and a deep-water cooling of
3 8C. In both cases, the d 18O signal consists of
approximately 25–33% ice volume and 66–75%
temperature (vs. the Pleistocene where the signal is
66% ice volume; Fairbanks, 1989).
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4. Comparison with modeling results
DeConto and Pollard (2003) provided a coupled
Global Climate Model (the Genesis 2.1 GCM) with an
ice sheet model to evaluate the influence of atmospheric CO2 opening on the development of a large
Antarctic ice sheet. Their ice sheet model accounts for
bedrock loading, lapse rate effects of topography,
surface mass balance, basal melting and ice flow and
computes both the sea-level and d 18O effects of ice
growth over 10 my of model run. Though computed
for Oligocene continental configurations, the modeling results are applicable to the older record as long as
Antarctica was a polar continent (i.e., for the entire
interval considered here). They used an empirical
calibration of 0.1x/10 m for d 18O/sea level change, a
reasonable estimate for Oligocene ice sheets, but
probably too high for greenhouse ice sheets considering the discussion above (Table 1). They concluded
that the Antarctic ice sheet formed in response to
critical levels of CO2 (DeConto and Pollard, 2003).
Four map views of Antarctic ice volume (Fig. 1) of
DeConto and Pollard (2003) are shown that correspond to glacioeustatic lowerings of 15, 25, 40, and
50 m and illustrate the following.
1) At greater than 3 times modern CO2 (840
ppmv), small isolated ice caps form in the
highest elevation of Dronning Maud land, the
Gamburtsev Plateau, and the Transantarctic
Mountains (e.g., the ice configuration corresponding to ~ 15 m lowerings; Fig. 1; DeConto
and Pollard, 2003). DeConto and Pollard (2003)
provide sea-level calibrations for each of their
maps; the map for 15 m (Fig. 1) illustrates the
computed distribution of ice sheets that are
equivalent to 15 m sea-level falls estimated
from backstripping in Fig. 4 (e.g., sequence
boundaries at the bases of BRII and BRIII of the
late Cenomanian; Fig. 5).
2) At ~ 3 times modern CO2, a small ice sheet
threshold is reached owing to height/mass
balance feedback; the 3 ice sheets continue to
grow, but not coalesce. All three ice sheets were
isolated from the coast (DeConto and Pollard,
2003). This configuration is equivalent to ~ 25
m eustatic lowerings (DeConto and Pollard,
2003). Thus, maps of this ice-sheet configura-

tion (Figs. 1 and 5) are appropriate for the midCenomanian and mid-Turonian eustatic lowerings that we compute to be ~ 25 m. We
suggest that such sea-level falls were typical for
the larger Late Cretaceous to Eocene sea-level
lowerings (Figs. 3 and 4).
3) The ice caps begin to coalesce with about 40 m
eustatic lowering (DeConto and Pollard, 2003).
We suggest that this configuration was achieved
only once during the Late Cretaceous with the
Campanian/Maastrichtian event (Fig. 1).
4) At b2.8 times modern CO2, a continental scale
ice cap forms as the 3 nodes unite, lowering sea
level by over 50 m (DeConto and Pollard, 2003).
We suggest that this configuration was not
achieved until the early Oligocene. It was at this
point that calving ice, IRD, and grounded
diamictons become common in the record
(Miller et al., 1991; Zachos et al., 1992, 1994)
and the world had truly entered into the icehouse.
Under true icehouse conditions, the ice sheet
reaches the coast, limiting its growth (DeConto and
Pollard, 2003). At this point, the Antarctic ice sheet
begins to be an influence on, not just a response to,
global climate change. The ice sheet stimulates a
strengthening of Antarctic Bottom Water Formation
that is teleconnected throughout the deep ocean as
observed in the early Oligocene (Kennett, 1977;
Wright and Miller, 1993). Ice volume changes
reflected as d 18O variations also begin to respond
strongly to the 41 ky tilt cycle (Zachos et al., 1997);
prior to the later Eocene, the response of d 18O
variations and small- to medium-sized ice sheets
under greenhouse conditions was mainly in the
eccentricity band (e.g., the 2.4 my very long
eccentricity cycle and the 405 ky long eccentricity
cycle as noted by DeConto and Pollard, 2003).

5. A new vision of a Greenhouse world
We propose a fundamentally different vision of
Earth’s cryospheric evolution that reconciles warm,
generally ice-free poles with cold snaps that resulted
in glacioeustatic lowerings. Based on the models of
DeConto and Pollard (2003), Late Cretaceous–early
Eocene ice sheets reached maximum volumes of 8–
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12  106 km3 (20–30 m glacioeustatic equivalent),
with the exception of the large Campanian/Maastrichtian event, which reached 17  106 km3 (40 m
glacioeustatic equivalent). With possibly the latter
Time Scale
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exception, ice sheets did not reach the Antarctic
coast, which reconciles ice with relative warmth in
coastal Antarctica (Fig. 1) including terrestrial floral
data.

NJ Composite
Sequences

Milankovitch predictions
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Tertiary
65

Navesink II
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Fig. 6. Comparison of the New Jersey composite Late Cretaceous sequences (Fig. 4) with astronomically based glacioeustatic predictions of
Matthews and Frohlich (2002). Note that the sea-level scale is inverted relative to Fig. 4, with lowerings to the left. This figure illustrates that
every hiatus/sequence boundary is associated with a major predicted sea-level fall. The predominant beat in the predicted curve is the ca. 2.4 my
eccentricity cycle.
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Our vision explains terrestrial floral data that
indicate warmth in Antarctica (e.g., Francis, 1999)
and the presence of Cretaceous dinosaurs in
Antarctica (e.g., Case et al., 2000). Terrestrial pollen
indicates that Antarctica supported a Nothofagusconifer fern-Proteacea forests during the greenhouse
conditions Eocene, similar to Tasmania today
(Askin, 2002). By the early Oligocene, vegetation
was restricted to Nothofagus woodlands (Askin and
Raine, 2000; Askin, 2002), similar to modern
Patagonia. It has always been puzzling how such
warm terrestrial indicators could be reconciled with
a glaciated Antarctica. The maps in Fig. 1 illustrate
that, unlike today when polar conditions are
experienced throughout the continent, Antarctic
climates in the greenhouse and early icehouse must
have been more varied and complex. Medium-sized
ice sheets existed (8–12  106 km3; 20–30 m
glacioeustatic equivalent) at the same time pollen
indicates that cool, temperate rainforests (e.g.,
similar to modern Tasmania) survived, if not thrived
on the continent.
The early Oligocene provides an excellent example
that illustrates the complexity of deciphering the early
history of this continent. Most paleoceanographers
concede that a large ice sheet existed on Antarctica
during the earliest Oligocene (ca. 33 Ma). Pekar et al.
(2001) estimated that growth of this ice sheet caused a
55 m lowering (i.e., equivalent to 88% of the modern
East Antarctic ice sheet). However, this ice sheet
collapsed about 1 my later, and sea level rose 45 m
(Pekar et al., 2001). At the same time, Nothofagus
leaves found in the Ross Sea (Barrett, 1999) indicate
nearby southern birch forests. The ice sheets subsequently grew and decayed numerous times during
the Oligocene (Miller et al., 1991; Pekar et al., 2001)
and by the late Oligocene–middle Miocene the
continent saw mostly a mossy tundra vegetation
(Askin, 2002). By this time, ice sheets had triumphed
over the forests, eliminating refugia that must be
invoked to explain the early Oligocene reappearance
of Nothofagus. Such refugia existed on a larger scale
during the Late Cretaceous–Eocene as the glacial
conditions (Fig. 5) alternated with interglacial conditions of comparative warmth. The Oligocene to
middle Miocene was a transitional period, with a wet
based EAIS (Marchant et al., 1993) that was near
modern volume at times. By the middle Miocene,

Antarctica was a polar desert with a permanent ice cap
(Marchant et al., 1993; Fig. 1).
Various studies have documented that Milankovitch astronomical forcing controls not only icehouse
ice-volume changes (Hays et al., 1976), but also
greenhouse climate changes (e.g., Herbert, 1997;
Cramer et al., 2003). DeConto and Pollard (2003)
included Milankovitch-scale precessional (19/23 ky),
obliquity (41 ky), and eccentricity (~100 ky) periodicities in their sea-level model for Antarctic cryospheric evolution. Matthews and Frohlich (2002)
computed an estimated Cretaceous sea-level/ice-volume curve based on Milankovitch forcing (Fig. 6).
Minima in this curve appear to correlate with
sequence boundaries in New Jersey (Fig. 6), again
supporting a glacioeustatic origin for these sequence
boundaries. The dominant beats in the predicted curve
are the ca. 2.4 my and 405 ky very long and long
eccentricity cycles, with hints of a ca. 1 my tilt cycle.
Sea level and ice volume undoubtedly changed on
shorter time scales (e.g., the precessional and 41 ky
tilt cycles), but the stratigraphic record in New Jersey
has sedimentation rates that are only high enough to
resolve the longer period changes.
We suggest that Late Cretaceous–Eocene ice sheets
only existed during short intervals of peak Milankovitch insolation. Though we cannot yet unequivocally
determine the tempo of greenhouse changes, comparison with the earliest Oligocene high resolution d 18O
records is illustrative: Zachos et al. (1997) showed that
the my-scale earliest Oligocene Oi1 glacial event was a
composite of numerous 41 ky increases; the Oi1 d18O
peak actually occurred during approximately 2–4 tilt
maxima, suggestion a duration of on the order of 100
ky. We suggest that Late Cretaceous–Eocene ice sheets
were also equally emphemeral, lasting during successive insolation mimima on the order of 100 ky. Much
of the Late Cretaceous–Eocene may in fact have been
ice-free, but ice sheets were not completely absent.
We do not question that warm high-latitude
climates dominated much of the Late Cretaceous to
early Eocene and that warmth may have been caused
by high CO2. We do question the assumption that
the poles were ice-free for hundreds of millions of
years. Royer et al. (2004) said it well: the presence
of bcool snapsQ (e.g., our glacioeustatic lowerings)
does not indicate that the planet was in a cool mode
for the entire Triassic to Eocene. Nevertheless, the
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paradigm that these warm intervals precluded polar
ice must be re-evaluated and the search for evidence
of these ice sheets must be pursued.
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